A reduced-gravity shallow-water model, an oceanic general circulation model for the Pacific region, and the analytical model of the equatorial ␤ plane bounded in the zonal direction are used to investigate the equatorial thermocline response to tropical and subtropical wind stress forcing. The results show that the wind stress forcing in the tropical and subtropical region can generate a nearly zonal uniform thermocline depth change in the equatorial region. The response timescale is longer when the wind stress is placed farther away from the equator. There exist latitude bands around 10Њ-15ЊN and 10Њ-15ЊS where the forcing can cause a relatively large equatorial response. When the forcing is located in the eastern basin, the response timescale is longer and its magnitude is larger than the case when the forcing is located in the western basin. Thus the eastern tropical to subtropical region is a relatively effective area for off-equatorial wind stress to generate an equatorial thermocline response. When the wind stress forcing has a longer period, the response of the equatorial thermocline has a larger magnitude. The results from this study's numerical experiments and the analytical solution are consistent. The present study has implications for the broad-scale ocean-atmosphere interaction in the tropical region.
Introduction
In addition to the well-known ENSO phenomenon on an interannual timescale, the Pacific basin also has climate variability on decadal to interdecadal timescales (e.g., Mantua et al. 1997; Nakamura et al. 1997; Zhang et al. 1997; Chao et al. 2000) . This variability is commonly referred to as the Pacific decadal oscillation (PDO). To some significant extent, the ENSO and the PDO have similar spatial structures in the associated atmospheric and oceanic fields in the Tropics, such as sea level pressure, sea surface temperature (SST), and surface wind stress. The basic mechanism of ENSO is now understood (Neelin et al. 1998) . However, the physical mechanism of decadal to interdecadal timescale variability in the Pacific basin is still elusive [for a recent review, see Miller and Schneider (2000) ].
It is generally believed that the timescale of ENSO is controlled by the equatorial oceanic dynamics, which govern the equatorial thermocline change. The equatorial thermocline change could be separated into an east-west contrast component and a component that has a zonally uniform feature in the equatorial region. The east-west contrast component rapidly responds to the wind stress forcing in the equatorial region. The zonally uniform component slowly adjusts to the wind stress curl forcing in the tropical region through meridional heat content transport between the equatorial region and the tropical region. The phase change mechanism of ENSO is associated with the zonally uniform equatorial thermocline change (Jin 1997) . Following the work by Cane and Moore (1981) , Jin (2001) noted that in the equatorial region, without coupling to the atmosphere, there exist very-low-frequency (VLF) modes that are eigensolutions for the equatorial ␤ plane bounded in zonal directions. For slow modes that have longer periods, the spatial structure of the equatorial thermocline is zonally uniform (Fig. 3 in Jin 2001) . For the gravest ocean basin mode, which has a period about four times the Kelvin wave basin-crossing time, the equatorial thermocline shows an east-west contrast. It is suggested that the ocean-atmosphere interaction in the tropical region could destabilize these free ocean-only modes and generate ENSO variability (Jin and Neelin 1993; van der Vaart et al. 2000) .
On the other hand, numerical experiments by Nonaka et al. (2002) demonstrated that on a decadal to interdecadal timescale the wind stress in the off-equatorial region contributes as much as the equatorial wind stress to the equatorial SST variability, which is associated with the equatorial thermocline change. So the question of how the equatorial region responds to the off-equatorial wind stress forcing is important for the understanding of both the ENSO and the PDO. The issue was partly addressed from the perspective of the maintenance of the equatorial thermocline and equatorial undercurrent (Liu et al. 1994; McCreary and Lu 1994) . Both analytical solution and numerical experiments showed that the wind stress at the boundary between the subtropical and tropical regions is important for the shallow, meridional subtropical cell, which controls the water exchange between the subtropical and equatorial regions. Klinger et al. (2002) analyzed the response of the equatorial region to off-equatorial wind stress forcing by using an intermediate model. The strength change of the shallow, meridional subtropical cell is their focus. In their model the equatorial SST change could be attributed to the westward shift of the equatorial upwelling region.
The two issues of how the equatorial thermocline responds to the off-equatorial wind stress forcing and of its implications for the understanding of both the ENSO and the PDO are addressed in this two-part paper (see Wang et al. 2003, hereafter Part II) . In the first part of this two-part paper we explore the relationship between the tropical and subtropical wind stress forcing and the equatorial thermocline response from the perspective of recharge and discharge of the equatorial heat content. Our focus is on the response of the equatorial thermocline to wind stress forcing at different latitudes, longitudes, and timescales. Cane and Sarachik (1981) gave an analytical solution for the equatorial ocean response to periodic forcing by using an equatorial ␤-plane reduced-gravity shallow-water model. They examined the time-dependent behavior of the equatorial thermocline for two idealized situations: with the wind stress being symmetric and antisymmetric about the equator. Our present work is an extension of Cane and Sarachik (1981) and Jin (2001) . A reduced-gravity shallow-water model (SWM) is used to conduct numerical sensitivity tests. The major findings in the reduced-gravity shallow-water model are also confirmed in an oceanic general circulation model (OGCM), which is adapted from National Oceanic and Atmospheric Administration/Geophysical Research Laboratory's (NOAA/ GFDL) Modular Ocean Model version 3.0 (MOM3.0; Pacanowski and Griffies 1998). Shin and Liu (2000) have done similar research to investigate the response of the equatorial thermocline by using OGCMs but only to buoyancy forcing. Along the line of the ventilated thermocline theory (Luyten et al. 1983 ), Huang and Pedlosky (2000) used a two-moving-layer model to investigate the equatorial thermocline response to extratropical forcing. The results presented here provide further insight into the recharge and discharge of the equatorial heat content. The implications for the understanding of the dynamics of the PDO and ENSO will be discussed in Part II.
The paper is organized as follows. The SWM and the OGCM are described in section 2. Section 3 presents the analytical solution of the response of the equatorial thermocline to off-equatorial wind stress forcing by using the equatorial ␤-plane system. The numerical experiments using the SWM are analyzed in section 4. Section 5 discusses the numerical experiments by using an OGCM for the Pacific region. Our findings and further discussions are summarized in section 6.
Models used in numerical experiments

a. Reduced-gravity shallow-water model
A nonlinear reduced-gravity shallow-water model in spherical coordinates is used in our analysis:
where H 0 is the layer thickness, gЈ is the reduced gravity, and are the wind stress forcing in zonal and meridional directions, is the density of water, and a is the radius of the earth. The lateral viscosity is represented by terms A⌬u and A⌬, in which A is the viscosity coefficient and ⌬ is an operator in spherical co-
is a very weak restoring term, which is used to damp the numerical noise. The ocean basin is rectangular (40ЊS-40ЊN, 120ЊE-120ЊW) to roughly represent the size of the Pacific Ocean. The model resolution is 0.5Њ in both the zonal and meridional directions with the staggered Arakawa C-grid system. The time step is 1.2 hs. Table 1 summarizes the standard parameters used in the model. In most of the following numerical experiments an idealized wind stress distribution is used:
where A 0 is the amplitude of wind stress, is latitude and 0 is a central latitude at which the wind stress reaches its maximum A 0 , 1 and 2 are the western and the eastern longitudes of wind stress forcing, and ⌬ is a constant representing the meridional scale of the wind stress forcing. In later discussions, the central longitude of the wind stress forcing is ( 1 ϩ 2 )/2. The longitude range of the wind stress forcing ( 2 Ϫ 1 ) is 30Њ. The wind stress curl associated with the above wind stress patch has two centers of opposite sign located to the north and south of the maximum wind stress ( ϭ 0 ). This wind stress patch is applied at different locations and for different timescales to analyze the response of the equatorial thermocline. The above wind stress distribution is chosen because of its simplicity, since it is impossible to have a single wind stress curl center without generating wind stress in a much larger domain.
b. The OGCM
Our OGCM is adapted from MOM3.0 (Pacanowski and Griffies 1998) . The MOM3.0 is based on the pioneering work of Bryan (1969) and was designed and developed by the researchers at the Geophysical Fluid Dynamics Laboratory. The MOM3.0 is a three-dimensional primitive equation model. The model provides several numerical schemes for the parameterization of subgrid-scale processes, alternative ways to split barotropic and baroclinic components, and also many diagnostic tools to analyze the integration results.
In the following, the major features of our OGCM are briefly presented, such as the numerical schemes for subgrid-scale processes and the model's grid and geometry. For details of the OGCM, we refer to Wang (2001) . The OGCM has a variable resolution in the meridional direction. Within 10ЊS-10ЊN the meridional resolution is 0.5Њ. Within 10Њ-20ЊS and 10Њ-20ЊN the model meridional resolution gradually increases from 0.5Њ to 2.0Њ. Beyond 30ЊN(S), the meridional resolution is kept as 2Њ. The zonal resolution is 3Њ. The model covers the region from 31ЊS to 61ЊN, and from 117.5ЊE to 68.5ЊW. There are 20 levels in the vertical, and 10 of them are in the top 300 m. Topographic data from the Scripps Institutition of Oceanography (Pacanowski and Griffies 1998, p. 15) are used in the model. The geometry of the basin is modified to eliminate small-scale coastal features. The Japan Sea is removed since our OGCM has low resolution in the zonal direction.
For horizontal viscosity and diffusivity the Smagorinsky scheme is used (Pacanowski and Griffies 1998, p. 354) : 
S a cos ‫ץ‬ ‫(ץ‬a)
The actual parameters used in the OGCM are k 0 ϭ 15, A m0 ϭ 5 ϫ 10 6 cm 2 s Ϫ1 , A h0 ϭ 5 ϫ 10 6 cm 2 s Ϫ1 , and Pr ϭ 100. In the region of the model western boundary current and its extension (41Њ-49ЊN, 138Њ-171ЊE), the parameters used are A m0 ϭ 5 ϫ 10 7 cm 2 s Ϫ1 , A h0 ϭ 5 ϫ 10 7 cm 2 s Ϫ1 , and Pr ϭ 10. The above parameters satisfy the Munk boundary condition (Munk 1950 ) and significantly reduce the horizontal viscosity and diffusivity compared with a model if the constant viscosity and diffusivity were used. As pointed out by Wajsowicz (1986) , the horizontal diffusivity and viscosity can significantly damp the large-scale Rossby waves.
The Pacanowski and Philander scheme (Pacanowski and Philander 1981) is used for the vertical mixing:
where Ri is the Richardson number,
2 2 ‫ץ‬u ‫ץ‬ ϩ ‫ץ‬z ‫ץ‬z
and K m0 and K h0 are the background vertical viscosity coefficient and diffusivity coefficient. The parameters K max , K m0 , and K h0 are adjustable parameters, which are chosen as K max ϭ 50, 1, and K h0 ϭ 0.1 cm 2 s Ϫ1 , respectively. To account for the effect of high-frequency wind mixing near the surface (which is absent in the climatological monthly mean wind stress), the mixing coefficient at the base of level one is not allowed to be less than a prescribed value W mix , which is taken as 10 cm 2 s Ϫ1 . So at level one, K m and K h are calculated as
(1 ϩ 5Ri)
Analytical solution a. Analytical model
We start from the nondimensionalized equatorial ␤-plane system with a long-wave approximation,
and consider the solution of the system in a zonally bounded basin. The boundary condition for the system is
The following dimensional variables are used to nondimensionalize the equatorial ␤-plane system: basin width L for the zonal distance, equatorial Rossby deformation radius (c/␤) 1/2 for the meridional distance, c ϭ for the zonal current, c/L(c/␤) 1/2 for the me͙gЈH 0 ridional current, L/c for time, H 0 for the thermocline anomaly, and H 0 c 2 /L for the wind stress. The relevant parameters used in the analytical model are essentially the same as those used in the SWM and are listed in Table 1 . A similar problem was treated in Cane and Sarachik (1981) but only for wind stress that is zonally uniform and meridionally either symmetric or antisymmetric with respect to the equator. We consider the wind stress that is outside the equator and that has a general form in the zonal direction. Our analysis is an extension of Cane and Sarachik (1981) .
The traditional method of solving the above system is to introduce two new variables, q ϭ h ϩ u, and (19)
and project all the variables in terms of function m (y):
where m ϭ 0, 1, 2, . . . , and
The function m (y) is referred as the Hermite function (Moore and Philander 1977) . It is the conventional Hermite polynomial multiplied by an exponentially decaying term e and a normalization coefficient (
Ϫy /2
b. Response of equatorial thermocline to wind stress forcing
If we only consider the zonal wind stress and restrict our analysis to the symmetric Rossby waves, the analytical model [Eqs. (15) 
2m 2mϩ2 2m ϩ 1 where f 0 and f 2mϩ2 are the projections of the zonal wind stress forcing on different Hermite functions and are defined later. Equation (24) describes the equatorial Kelvin wave. When m ϭ 0, 1, 2, . . . , Eq. (25) describes the symmetric Rossby waves. Assuming the zonal wind stress forcing X is periodic and that the response is also periodic,
Substituting the above equations into Eqs. (24) and (25), we have
0 0
The boundary condition is
where
2m m
m!
Using the boundary conditions (34) and (35) in (32) and (33), we can solve
After computing q 0 (0), the problem is solved by integrating (32) and (33) and using the boundary conditions (34) and (35). The thermocline response is calculated by
in which r 2m (x) is defined in a similar manner as q 2m (x). The calculations in the following are evaluated with the truncation of m as 100. Figure 1 shows the zonally averaged equatorial thermocline response as a function of the central longitude and central latitude of the wind stress forcing when the damping rate ⑀ is 0.01 (0.005 month Ϫ1 in dimensional units) and the period of the forcing is around 20 yr ( ϭ 0.05). The wind stress forcing is in the form of (4) and (5). It is clear that there is a maximum center in the eastern basin along 10Њ-12ЊN (upper panel in Fig.  1 ). When the wind stress is placed progressively from south to north and its central longitude is fixed as 145ЊW, the equatorial thermocline response reaches a maximum when the wind stress forcing is located around 10ЊN (middle panel in Fig. 1 ). On the other hand if the wind stress is placed progressively from west to east and its central latitude is fixed as 15ЊN, the equatorial thermocline response increases steadily (lower panel in Fig.  1 ). The above analytical solutions are for the equilibrium state. How the system reaches the state and why certain locations of the wind stress forcing are effective in generating the equatorial thermocline response are analyzed using numerical experiments in the next two sections. The above solution is not sensitive to the truncation of the Hermite functions. When m is as small as 60, the solution is not changed significantly.
Numerical experiments using SWM a. Standard experiment
The standard experiment is a steady wind stress forcing with 0 ϭ 15ЊN, 1 ϭ 160ЊW, 2 ϭ 130ЊW, and ⌬ ϭ 5Њ in (4) and (5). The time evolution of the thermocline depth anomalies along 18ЊN (north of the maximum wind stress), 12ЊN (south of the maximum wind stress), and the equator shows quite different characteristics (Fig. 2) . Along 18ЊN (12ЊN) a negative (positive) thermocline depth anomaly develops rapidly in the forcing region. Rossby waves with a negative (pos- itive) thermocline depth anomaly propagate westward. The propagation speed along 12ЊN is faster than that along 18ЊN, which is as expected from the theoretical free Rossby wave speed in such a system. The Rossby wave speeds estimated from Fig. 2 are 7.1 ϫ 10 Ϫ2 and 1.8 ϫ 10 Ϫ1 m s Ϫ1 for 18Њ and 12ЊN, respectively, which are comparable with those calculated from the formula ␤c 2 / f 2 (7.1 ϫ 10 Ϫ2 m s Ϫ1 for 18ЊN and 1.6 ϫ 10 Ϫ1 m s Ϫ1 for 12ЊN, c 2 ϭ gЈH 0 , f ϭ 2⍀ sin). For the equatorial region, the thermocline depth anomaly is nearly zonally uniform and increases gradually after the free Rossby waves along 12ЊN reach the western boundary. Though a similar phenomenon was noted in numerical experiments by Schneider et al. (1995) , the connection between the off-equatorial wind stress forcing and the equatorial thermocline response has not been analyzed in detail.
After 7 yr of integration the thermocline depth anomaly in the equatorial region nearly reaches the equilibrium. Before year 3 a positive thermocline gradient (Ϫ‫ץ‬h/‫ץ‬ Ͼ 0) develops rapidly in the forcing region (160Њ-130ЊW) along 12ЊN. This positive thermocline gradient is associated with a meridional transport toward the equatorial region, leading to the recharge of the equatorial heat content. At the end of 6 yr of integration, the response of the equatorial thermocline is about onethird of the local response along 12ЊN, whereas the thermocline anomaly along 18ЊN is about three times as strong but of opposite sign. It should be mentioned that the small-scale structures along the western boundary at 12ЊN form the feature associated with the model western boundary current and short Rossby waves.
The horizontal distribution of the thermocline depth anomaly at four different stages is shown in Fig. 3 . It should be pointed out that in order to show the thermocline response of different regions (which have quite different magnitudes), the contour interval is not uniform and only a group of selected contours is shown. A positive and a negative thermocline depth anomaly center are generated in the forcing region (Fig. 3a) and they then gradually propagate westward with a faster speed at lower latitudes (Figs. 3b-d) . The magnitude of the thermocline depth anomaly also increases with time. The different magnitudes of the thermocline depth anomalies north and south of 15ЊN are clearly demonstrated, especially in Fig. 3d . To the east of the wind stress forcing, there is no significant thermocline depth anomaly. In the unforced region the spatial pattern resembles the VLF modes ( a larger meridional scale. The positive thermocline depth anomaly along the eastern boundary is associated with the coastal Kelvin waves and its reflection to Rossby waves.
To further delineate that the thermocline change in the equatorial region is caused by the meridional transport associated with the wind stress forcing, the meridional velocity along 10ЊN for four different stages in the integration is shown in Fig. 4 . The region of direct wind stress forcing (160Њ-130ЊW) has a southward velocity. In other regions, the is small except near the western boundary. The western boundary current gradually grows in strength after the thermocline anomaly in the interior of the ocean reaches the western boundary (Figs. 4b-d) . The meridional transport of the western boundary region (integration of ϫ h from 120Њ to 130ЊE), the interior region (integration of ϫ h from 130ЊE to 120ЊW), and the total transport (sum of the above two components) along 10ЊN, 10ЊS, 2ЊN, and 2ЊS are shown in Fig. 5 . Since the transport along 10ЊS is negligible, the transport along 10ЊN plays a decisive role in the equatorial thermocline response. The interior southward transport is built up by the wind stress forcing along 10ЊN through the beginning of the integration and gradually grows in strength (dashed line in Fig. 5a ). The western boundary current transport is negligible in year 1 and starts to grow in strength in year 2 (solid line). As a result, the total meridional transport is southward until year 7 (dotted line). Associated with the southward meridional transport, the equatorial thermocline (zonally averaged between 2ЊS and 2ЊN) steadily deepens until year 7 (solid line in Fig. 5e ) when the interior transport and the western boundary transport roughly balance each other. After year 7 the equatorial thermocline anomaly changes little with time. At first glance the meridional transport along 10ЊN seems irrelevant to the equatorial thermocline response. In this idealized experiment, the wind stress forcing exponentially decays from its central latitude of 15ЊN. In the equatorial region, the wind stress forcing is quite small, less than 0.01% of that at 15ЊN. The thermocline depth anomaly caused by the net transport along 10ЊN is just redistributed by the equatorial Rossby and Kelvin waves (Fig. 3) . From the transport along 2ЊN and 2ЊS (Figs. 5c,d ), the interior transport is small. The western boundary transport plays a decisive role. The total southward transport along 2ЊN is larger than the southward transport along 2ЊS. The equatorial region has a convergence of transport. Thus the equatorial thermocline gradually deepens and shows a positive anomaly. The small wind stress anomaly along the equatorial region does not play a significant role in terms of the equatorial thermocline response. Another experiment is conducted with the following wind stress: 
Here ⌬ 1 is 10Њ, 1 and 2 are the same as in (4) and (5), and the constant B 0 is chosen as ⌬ 1 /⌬ ͙2 exp Ϫ1/2 A 0 such that the maximum wind stress curl of the above wind stress profile is the same as that given by (4) and (5). For the above wind stress forcing, both the wind sress and its curl are zero outside the region of 1 Ͻ Ͻ 2 and 0 Ϫ ⌬ 1 Յ Յ 0 ϩ ⌬ 1 . The equatorial thermocline response for the above wind stress forcing (dashed line in Fig. 5e ) is roughly the same as the response in the standard experiment, except that the magnitude of the response is larger. This should be related to the difference of the detail spatial features of the two wind stress patterns.
If the viscosity (A) is changed by one order of magnitude, the result does not change significantly. If the restoring coefficient (␥) is set as zero or changed by one order of magnitude, the result is also not changed (figures not shown). If the restoring coefficient is increased by several orders of magnitude to 3.21 ϫ 10 Ϫ8 s Ϫ1 , which is equivalent to a damping timescale of 1 yr, the response of the equatorial thermocline is greatly reduced, from 3.6 to 0.7 m. This reduction could be explained by the influence of damping on the propagation of Rossby waves. Since the viscosity and diffusivity in a shallow-water model can be significantly reduced compared with those in an OGCM, it will be interesting to compare the response of an OGCM with the present SWM.
The equatorial thermocline anomaly reaches a maximum around year 6 and gradually reaches an equilibrium state after 20 yr. At equilibrium state, the response is reduced to 2.7 m compared with the maximum value (3.6 m) reached around year 6. If a second wind stress forcing is placed in the Southern Hemisphere and is symmetric about the equator (with respect to the present one), the equatorial response is almost doubled.
b. Wind stress forcing at different latitudes
A set of experiments is designed to investigate the response of the equatorial thermocline to the wind stress forcing at different latitudes. The longitude of the wind stress forcing is fixed between 160Њ and 130ЊW. The upper panel in Fig. 6 compares the equatorial thermocline response to the wind stress forcing at different latitudes from 7Њ to 19ЊN. The indices used are the maximum response of the equatorial thermocline (zonally averaged between 2ЊS and 2ЊN, solid line) and the time at which the maximum response is reached (dashed line). When the wind stress is close to the equator (7ЊN), the equatorial thermocline response is weak (2.5 m). The time needed to reach the response is slightly less than 2 yr. When the wind stress is placed northward, the equatorial thermocline response first increases rap- idly and then decays. The maximum response is reached when the wind stress is located between 10Њ and 13ЊN. The timescale of the equatorial thermocline response is determined by the westward Rossby wave propagation along the forcing region. Farther away from the equator, the westward propagation speed of Rossby waves decreases and thus it takes a longer time for Rossby waves to reach the western boundary and for the western boundary current to spin up. As shown in Fig. 5 , the magnitude of the equatorial thermocline response is controlled by the net meridional transport before the western boundary transport balances the interior transport along the forcing region. When the wind stress is close to the equator, the Rossby wave speed is fast. The western boundary current is built up rapidly and the net meridional transport is small, so the equatorial thermocline response is small. When the wind stress is farther away from the equator, though the Rossby wave speed is slow and the net meridional transport is presumably large, the equatorial thermocline response is reduced. This is partly due to the fact that the zonally uniform equatorial thermocline change involves a larger meridional scale when the wind stress forcing is farther away from the equator. Note that the 10Њ-13ЊN latitude band between which the maximum equatorial response exists is related to the meridional scale of the wind stress forcing. When the meridional scale is reduced to ⌬ ϭ 1Њ, the latitude band that has the maximum response becomes 8Њ-9ЊN instead of 10Њ-13ЊN. The response is also reduced to 1.3 m instead of close to 4 m. The time when the maximum response is reached is reduced by less than 1 yr. In reality the wind stress anomaly on interannual and decadal to interdecadal timescales tends to have a broad meridional structure (Ն10Њ), so the selection of ⌬ ϭ 5Њ is reasonable.
c. Wind stress forcing at different longitudes
A set of experiments is conducted to investigate the response of the equatorial thermocline to the wind stress forcing at different longitudes (lower panel in Fig. 6 ). In this set of experiments, the latitude of the wind stress forcing is fixed at 0 ϭ 15ЊN. The longitude range of the wind stress forcing [controlled by parameters 1 and 2 in (4) and (5)] is varied from east (160Њ-130ЊW, with a central longitude at 145ЊW) to west (130Њ-160ЊE, with a central longitude at 145ЊE). When the wind stress forcing is located on the eastern side, the equatorial thermocline response has the largest magnitude (3.6 m). When the forcing is placed westward, the equatorial response becomes weaker. The time needed for the equatorial maximum response becomes shorter when the forcing region is placed westward. For the case of the VOLUME 16
The amplitude of the equatorial thermocline response to the periodic wind stress forcing located between 160Њ and 130ЊW with its central latitude at 15ЊN. The abscissa is the period of the wind stress forcing. Solid line, reduced-gravity shallow-water model; dashed line, analytical solution.
forcing longitude at 160Њ-130ЊW, the time needed for the equatorial thermocline to reach the maximum anomaly is slightly more than 5 yr. For the case of the forcing longitude located at 130Њ-160ЊE, it is only slightly more than 1 yr. This could still be explained by the propagation of Rossby waves. When the forcing region is located farther east, it takes a longer time for Rossby waves to reach the western boundary and for the western boundary current to balance the interior meridional transport associated with the wind stress forcing. So for a wind stress forcing located farther east, the response time is longer, and the magnitude of the equatorial thermocline response is larger. Figure 7 compares the equatorial thermocline response for wind stress forcing with periods of 2, 4, 6, 8, 10, 12, 14, and 16 yr. The location of the wind stress forcing is the same as that in the standard experiment (160Њ-130ЊW, 0 ϭ 15ЊN). The time integration for the SWM is 100 yr. When the period of the wind stress forcing is 2 yr, the amplitude of the equatorial thermocline depth anomaly is small (0.07 m). The amplitude steadily increases when the forcing period is increased. It is interesting that when the period of the wind stress forcing is longer than 12 yr, the response amplitude does not increase significantly with increasing period. Thus when the forcing period is longer, the response is larger. There is no specific timescale that is selected by the system. The result is consistent with that of the buoyancy forcing in Shin and Liu (2000) , in the sense that when the period of forcing is longer, the response is larger. When the period of the wind stress forcing is longer, Rossby waves have a longer time to propagate westward. The net meridional transport becomes larger too. The analytical solution shows the same tendency (dashed line). When the period of the forcing is longer, the equatorial region tends to have a larger response. The analytical solution and the results of the SWM are comparable.
d. Periodic wind stress forcing of different timescales
Numerical experiments using the OGCM
Our OGCM for the Pacific region is used to verify the major findings from the SWM. The OGCM is first integrated for 85 yr using an annual mean wind stress forcing (Hellerman and Rosenstein 1983) . The sea surface temperature and salinity are restored to Levitus data (Levitus 1982) . In the southern and northern boundaries the temperature and salinity are also restored to Levitus data. After 85 yr of integration, the model state does not change much with time. The experiments described below start from the end of the 85-yr integration. The diagnosed heat flux and ''salinity flux'' are then used to force the model. The surface temperature and salinity are restored to the model climatology for a timescale of 300 and 600 days, respectively. The restoration at the northern and southern boundaries is also maintained. The wind stress used to force the model is the sum of the annual wind stress (Hellerman and Rosenstein 1983) and a perturbation wind stress. The model is integrated further with specified perturbation wind stress at different spatial locations and with different periods. The perturbation wind stress is still in the form of (4) and (5). The zonal perturbation wind stress decays exponentially both northward and southward away from the central latitude, and the meridional wind stress perturbation is zero. For most of the results we present below the model is integrated for 10 yr. Starting from around year 6 or 7, the model state does not change much with time. In our first experiment, the wind stress is located at 173Њ-143ЊW with the central latitude at 15ЊN. With the steady wind stress forcing, a pair of isopycnal surface depth anomalies are generated and propagate westward on the ϭ 24.5 surface (Figs. 8a-d) . The difference in the propagation speed between 20Њ and 10ЊN is clearly seen. For the same wind stress curl forcing the response along 20ЊN (10-20 m) is about 3 times the response along 10ЊN (5 m), which is consistent with the results from the SWM. In the equatorial region a positive isopycnal surface depth anomaly is gradually built up with a broad meridional scale in the eastern equatorial Pacific. At the end of the 10-yr integration, along the equatorial thermocline there is a positive temperature anomaly with a magnitude of around 0.1Њ-0.2ЊC (Fig. 9) . In the central to eastern equatorial Pacific, the positive temperature anomaly extends to the surface with a magnitude of around 0.1ЊC.
A group of experiments is designed to demonstrate the influence of the central latitude of the wind stress forcing on the equatorial thermocline response. The longitude of the wind stress forcing is fixed between 173Њ and 143ЊW, while its central latitude is changed to 9Њ, 11Њ, 13Њ, 15Њ, 17Њ, and 19ЊN. In the OGCM the equatorial thermocline response does not have an obvious maximum in its time evolution. The response of the equatorial thermocline at the end of the 10-yr integration is used instead of the maximum response. When the wind stress forcing is placed farther away from the equator, the equatorial thermocline response first increases and then decreases as in the SWM (in Fig. 10 top) . It should be noted that in the OGCM the equatorial thermocline response is systematically smaller than that in the SWM. If the central latitude of the wind stress forcing is fixed at 15ЊN, and its longitude range is changed from the eastern Pacific (160Њ-130ЊW, with central longitude at 145ЊW) to the western Pacific (140Њ-170ЊE, with central longitude at 155ЊE), the equatorial thermocline response is gradually reduced (lower panel in Fig. 10) . If the position of the wind stress forcing is fixed (173Њ-143ЊW, with central latitude at 15ЊN), the period of the wind stress forcing is varied at 2, 4, 6, 8, 10, and 12 yr. The amplitude of the equatorial thermocline response first increases and then remains at a steady level (Fig. 11) , which is similar to the situation in the SWM and the analytical solution (Fig. 7) . In summary the features of these three groups of OGCM experiments are consistent with those of the SWM. The spatial distribution of the isopycnal surface depth anomaly is more complicated and the response magnitude is reduced. The systematic reduction in the equatorial response is likely due to the stronger damping in the OGCM than in the SWM.
Summary and discussion
The response of the equatorial thermocline to the wind stress forcing in the tropical and subtropical region is derived using the equatorial ␤-plane system bounded in the zonal directions. The eastern tropical and subtropical region appears to be an effective region for the off-equatorial wind stress to generate an equatorial thermocline response. The equatorial thermocline response shows the spatial features of the very-low-frequency modes described in Jin (2001) , with a nearly zonally uniform thermocline change in the equatorial region and a large meridional scale in the eastern basin.
Numerical experiments using a reduced-gravity shallow-water model and an oceanic general circulation model in the Pacific region verify the analytical solutions and further reveal the detailed features of the equatorial thermocline response to the wind stress forcing. The response timescale is longer and the magnitude of the response first increases and then decreases when the wind stress forcing is placed away from the equator. The subtropical region along 10Њ-15Њ seems to be an effective region for subtropical wind stress forcing to generate equatorial thermocline response. When the wind stress is located in the eastern basin, it takes a longer time for the equatorial thermocline to reach its maximum response than the case when the wind stress forcing is located in the western basin. The equatorial thermocline also tends to have a larger response when the wind stress is located in the eastern basin. When the wind stress forcing has a longer period, the response of the equatorial thermocline has a larger amplitude. There is no preferred timescale that is selected by the system.
In our analysis only very idealized wind stress forcing patterns are used. For complicated wind stress patterns, the response of the equatorial thermocline is also complicated. Two examples that are relevant to our coupled studies (Wang et al. 2003, hereafter Part II) are zonal wind stress forcing in the equatorial region and cyclonic wind stress forcing in the subtropical region. The details of these wind stress patterns are presented in Part II. Figure 12 shows the response to a westerly wind stress forcing in the central equatorial region (150ЊE-150ЊW) . The wind stress exponentially decays away from the equator until 10ЊN and 10ЊS. Outside of these two latitudes the wind stress vanishes. For a westerly wind stress in the equatorial region, there is a thermocline depth anomaly gradient along the equator. To the west of the wind stress forcing, the thermocline depth anomaly is negative. To the east of the wind stress forcing, the thermocline depth anomaly is positive (Figs. 12a,b) . The wind stress curl outside the equator causes a net transport away from the equator along 2ЊN and 2ЊS (Figs. 12c,d ). Along these latitudes, the interior transport has an opposite sign from the western boundary transport. These two transports tend to balance each other after 3 yr. The total transport away from the equatorial region before these two transports balance each other causes a negative zonally averaged thermocline depth anomaly along the equator (Fig. 12e) . The equatorial region is discharged because of the wind stress forcing.
For symmetric cyclonic wind stress forcing in the subtropical region, the wind stress curl has a triplecenter structure. North of the equator in the central region the wind stress curl is positive. To the north and south of it, the wind stress curl is negative. Associated with the wind stress forcing, one negative and two positive centers of thermocline depth anomaly are generated. These centers propagate westward as time passes (Figs. 13a,b) . Its influence on the equatorial region also evolves with time. The interior transport and the western boundary transport along 2ЊN and 2ЊS are out of phase most of the time (Figs. 13c,d ). The total transport before year 4 is toward the equatorial region. Thus the equatorial region is recharged. The thermocline depth anomaly along the equator is positive and increases with time. After year 4 the total transport is away from the equatorial region along 2ЊN and 2ЊS. The equatorial region is discharged and the thermocline depth anomaly gradually decreases to a negative state. After year 10, the equatorial region is recharged again and the equatorial thermocline depth anomaly increases to a positive value (Fig. 13e) . The evolution of the equatorial thermocline is associated with the complex structure of the wind stress forcing.
The response of the equatorial thermocline to the wind stress forcing along the equator is on an interannual timescale, whereas its response to the subtropical wind stress forcing is on a decadal timescale. Considering these differences in ocean memory, a decadal timescale oscillation may be generated through a broadscale tropical ocean-atmosphere interaction. Further coupled studies will be presented in Part II.
